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Abstract

Elevated CO2 is likely to result in reduced stomatal conductance
and transpiration over land surfaces – a biophysical effect that has
been termed physiological forcing (to distinguish it from the radia-
tive forcing of CO2). Recent studies with GCMs have concluded that
the surface air warming over some land regions due to physiological
forcing could be as large as 20–30% of the total warming due to dou-
bled CO2. Here, we use versions of a radiative-convective (RC) model
in single- and multiple- column modes to investigate the effect of the
land surface evaporative fraction, β, on the overlying atmosphere, as a
proxy for the surface drying due to physiological forcing. To build in-
tuition about the effects of land surface moisture on the atmosphere in
radiative-convective equilibrium (RCE), we perform many RC model
runs with β varying from 1 (saturated surface) to 0 (completely dry
surface). We also present simple theory to understand the effects of
surface wetness on the RCE atmosphere. RC model runs with a single
column suggest that land surface drying would have significant dynam-
ical consequences, motivating the use of a 2D, multi-column model.
By performing simulations with small numbers of columns (part land,
part ocean), we find that decreasing β generally increases the differ-
ence in surface air temperature between the land and ocean (∆TA).
We find a diagnostic relationship between ∆TA, the sensible heat flux,
and the width of the land. However, the theory developed for single-
column RCE explains recent GCM results better than this diagnostic
relationship, pointing to the need for multiple-column theory.
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1 Introduction

The climate effects of carbon dioxide as a greenhouse gas, while still highly
uncertain, have been well-studied and the basic mechanism of radiative forc-
ing is well-understood. Distinct from the radiative forcing of CO2 on the cli-
mate system, is the more poorly understood effect of CO2 on gas exchanges
between plants and the atmosphere. Numerous experimental studies have
found that stomata, the pores in the leaves of plants through which water
vapor and CO2 are exchanged with the atmosphere, tend to close, or reduce
in number, as the atmospheric CO2 concentration increases. Other things
equal, this implies a reduced flux of water vapor from vegetated surfaces to
the atmosphere. This effect has been called “physiological forcing” of CO2

by Betts et al. (2004) and others (e.g. Boucher et al. 2009, Cao et al. 2009,
Cao et al. 2010). It is important to note that this is distinctly a forcing of
CO2 on the climate system (albeit non-radiative), and not a feedback, since
it is a direct response to elevated CO2 concentrations and not a response to
changes in climate (Forster et al. 2007).

The effects of increasing CO2 concentration on plants can be quantified
by using the canopy conductance, gc, as an integrated measure of stomatal
aperture. The stomatal conductance, gs, is the coefficient of proportionality
between the concentration difference of a gas species between the inside and
outside of a leaf, and the flux of that species from the leaf interior to exte-
rior, and is usually given in units of mm s−1 or mmol m−2 s−1 (Nobel 2009).
Since gas fluxes from different leaves occur in parallel, a canopy conductance
gc can be defined, and can be thought of as a product of average stomatal
conductance in a column and leaf area per unit ground area. Measurements
of plant-atmosphere fluxes at different ambient concentrations of CO2 have
shown substantial impacts of CO2 on gc in many species and locations. For
example, a survey of empirical studies by Field et al. (1995) found that a
doubling of CO2 concentrations resulted in a 23% decline in stomatal con-
ductance in trees; Medlyn et al. (2001) found a similar mean decline of
21%. Lammertsma et al. (2011) recently found, using shallow peat cores
and herbarium specimens, reductions in maximum gs in a number of com-
mon tree species in Florida by 34 % ± 12 % over the last 150 years, likely in
response to rising CO2 concentrations. Stomatal closure under elevated CO2

is still not fundamentally understood in a theoretically rigorous sense, be-
cause plant-atmosphere interactions integrated over a canopy are extremely
complex, and biological processes are messy. However, there is a strong phys-
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ically plausible basis for stomata to close at higher CO2 concentrations, which
is that plants adjust stomatal conductance to balance carbon gain (photo-
synthesis) and water loss (transpiration); at higher concentrations of CO2,
photosynthesis becomes relatively easier, and the same photosynthetic rate
can be accomplished with lower stomatal conductance.

Because of the strength of empirical support, and the plausible physical
mechanism, many models of stomatal function incorporate a dependence
on ambient CO2 concentration. A common parameterization of the CO2-
dependence of stomatal conductance is the “Ball-Berry” type formulation:

gs = m
AnH

C
+ b, (1)

where b is a (generally positive) parameter expressing the minimum conduc-
tance of a leaf, An represents net photosynthesis, H is the relative humidity,
C the concentration of CO2 at the leaf surface, and m is a dimensionless
slope parameter (Collatz et al. 1991). This empirical expression, or variants
of it (e.g. Leuning, 1995), are widely used in models of land-atmosphere in-
teractions; in particular, the structural assumption that gs ∼ An/C is quite
common. It is important to remember, though, that this is an empirically
based structural assumption, and not a physical law.

The importance of evapotranspiration on climate has been realized at
least since the work of Shukla and Mintz (1982). The recognition that
elevated CO2 could have a direct impact on evapotranspiration by reduc-
ing canopy conductance, combined with better ability to simulate land-
atmosphere interactions, allowed for studies by the mid to late 1990s that
attempted to quantify the climate impacts of physiological forcing. Since
then, several studies have addressed the question of how much of the warm-
ing signal in climate model projections could be attributed to the physiolog-
ical effects of changes in CO2 (table 1). Cao et al. (2010) cite this set of
results as representing “an emerging consensus” on the climate impacts of
physiological forcing.

However, most of the simulations that comprise this “emerging consen-
sus” have been conducted with highly complex GCMs. On the extreme
opposite end of the complexity spectrum lies the intuitive, and somewhat
vague, physical mechanism for surface air warming over land in response
to physiological forcing: reduction of a surface cooling mechanism (evap-
otranspiration) should lead to increased surface air temperatures. A lad-
der representing the model hierarchy in understanding climate response to
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Study, Models Used ∆Tr ∆Trp ∆Trp−r %∆Trp−r

∆Trp

Sellers et al. (1996), SiB2-CSU GCM 2.6 2.8 0.2 7
Cox et al. (1999), MOSES-HadCM2 3.06 3.45 0.39 11
Notaro et al. (2007) ∗, LPJ-PCCM3 2.3 2.7 0.4 15
Boucher et al. (2009), MOSES-HadCM3 3.51 4.03 0.52 13
Cao et al. (2009), CLM3.0-CAM3.1 2.35 2.47 0.12 5
Cao et al. (2010), CLM3.5-CAM3.5 2.86 3.33 0.47 14

Table 1: Survey of studies examining the climate impacts of physiological forcing of
elevated CO2, as in table 2 of Cao et al. (2010). ∆Tr: global warming (K) over land
due to radiative effects of elevated CO2; ∆Trp: global warming (K) over land due to
radiative plus physiological effects of elevated CO2. Difference ∆Trp−r (K) is attributed
to physiological forcing of CO2. ∗Study by Notaro et al. (2007) also includes changes in
leaf area index and vegetation cover.

physiological forcing would thus seem to have uncomfortably widely spaced
rungs. This becomes more apparent when looking at the more recent work
by Boucher et al. (2009) and Cao et al. (2010), where surface air warming
over some land regions due to physiological forcing exceeds a quarter of the
total warming due to doubled CO2, and part of this warming is attributed
to low-cloud feedbacks. There is again a plausible physical mechanism to
match the GCM assertion: low-level cloud fraction decreases as the relative
humidity of the boundary layer decreases, and the LCL rises. However, we
are again uncomfortably stretched in terms of our ability to use a model
hierarchy to explain the GCM result from the plausible mechanism, because
there are few intermediate models to span the complexity gap.

This is all the more troubling because the problem of climate response
to physiological forcing involves such poorly modeled phenomena as water
vapor, clouds, precipitation, soil moisture, and evapotranspiration. The large
differences between the results of Cao et al. (2009) and Cao et al. (2010) are
primarily due to differences between two model versions in the partitioning
of evapotranspiration (E) between transpiration (ET ), soil evaporation (ES),
and canopy interception (EC) in the current climate. On a global scale, ET
is thought to compose roughly half of E, but the partitioning is still quite
uncertain (Lawrence et al. 2007).

In the recent work of Boucher et al. (2009) and Cao et al. (2010), there
are large changes in temperature and the hydrological cycle over deep trop-
ical landmasses, where a great deal of the deepest convection takes place.
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One particular issue that needs to be addressed in more detail is the possi-
bility that under some set of assumptions, land surface drying can actually
result in a net cooling of the surface, due to a decrease in the water vapor
greenhouse effect. In general, radiative feedbacks to physiological forcing due
to changes in atmospheric water vapor have been poorly quantified, and the
key feedbacks to physiological forcing are likely quite different than those to
the radiative forcing of CO2.

Also, the set of GCMs and land surface schemes that have been used
to actively investigate physiological forcing is fairly small (table 1). It may
be possible to gain more understanding about the impacts of physiological
forcing on the climate system by using an ensemble of opportunity, such
as the CMIP model runs, in which there is a broader range of structural
assumptions regarding both the impact of elevated CO2 on land-atmosphere
interactions, and the climate response to a given change in surface properties.

Our understanding of climate response to physiological forcing thus stands
in contrast to our understanding of climate response to the radiative forc-
ing of CO2, where 1- and 2- dimensional models were used by necessity to
understand the problem of forcing, feedbacks, and response, because the
computing power did not yet exist to run 3D GCMs. One-dimensional
radiative-convective models provided, and continue to provide, a great deal
of understanding about the processes that determine the climate response
to the radiative forcing of CO2. Here, we examine whether a fundamentally
radiative-convective (RC) model can be used to understand climate response
to the physiological forcing of CO2, at least in the deep tropics.

We find that RC model runs with a single column generally do not exhibit
much surface and surface air warming as the surface dries, and cooling of the
free atmosphere is unrealistically large from a standpoint of tropical dynam-
ics. Multiple-column runs, which represent a two-dimensional climate model
with a strong emphasis on radiation and convection as compared to advec-
tion, may be able to capture some of the key factors determining the climate
response to physiological forcing, but more work is needed. Single-column
theory may provide a surprisingly good diagnostic relationship between in-
creases in sensible heat flux and surface air warming as the surface dries. We
discuss potential avenues for future work on the subject, including multiple-
column theory.
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2 Methods

In this study, we have used a RC model to look at the climate response
to physiological forcing. We will discuss the assumptions of the model in
this section, and in particular we will spend a bit of time discussing the
relation between the crude lower boundary condition in the model and more
sophisticated (though still quite crude compared to reality!) models of plant
response to atmospheric forcing. We will also discuss other aspects of the
radiative-convective model that will be relevant to our results and discussion.

In this study, we use the model of Abbot and Emanuel (2007) (hereafter
AE07): a schematic diagram of the multi-column version of the model is
shown in figure 1. Results from single-column runs represent a statistical
radiative-convective equilibrium (RCE) state, as there is no mean flow in
the domain. Results from multiple-column runs are pseudo-RCE; advection
occurs between the land and ocean boxes, but it is numerically primitive
and coarse in horizontal resolution. While the model is configured to allow
rotation to affect dynamics, to simplify matters, we perform our simulations
in a nonrotating (e.g. equatorial) reference frame. We will refer to the multi-
column version as “an RC model” for simplicity, but none of the columns are
necessarily individually in RCE. For the single-column model, the primary
model parameters we vary are the evaporative fraction, β (see below), the
solar constant, S0, and structural assumptions about the number of model
layers in the vertical, diurnal variation in insolation, and the radiative effects
of clouds and water vapor. The multiple-column model has a much larger
parameter space; we explore additional sensitivity to variations in the column
width L as well as the number of land and ocean columns.

The single-column RC model is by default configured with parameters
that represent a wet (ocean or swamp) surface (Renno et al. 1994; Emanuel
and Zivkovic-Rothman 1999; Nilsson and Emanuel 1999; Bony and Emanuel
2001), and we wish to simulate land surfaces of varying wetness as simply as
possible. Realistically incorporating the partitioning of latent and sensible
heat fluxes over a land surface is a difficult task, but we believe that the
methods used in the past with this model are largely defensible for studies
such as this one, which are based on building understanding, rather than
making detailed quantitative predictions. Molnar and Emanuel (1999) intro-
duced an evaporative fraction, β, into the bulk formula for latent heat flux
from the surface, to look at the effects of land surface altitude on temperature
in RCE. AE07 modified this approach by incorporating simple bucket model
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Figure 1: Cartoon figure of RC model used in this study. Model runs are performed with
various numbers of columns; in all runs at least one column is “land”. Dynamics in multi-
column models are determined by solving prognostic vorticity equations in the direction
orthogonal to the model domain. Details of the model can be found in AE07; details on
the convective parameterization and validation can be found in Bony and Emanuel (2001)
and Emanuel and Zivkovic-Rothman (1999).

hydrology into a multiple-column version of the model. Below, we will dis-
cuss how the evaporative fraction relates to the canopy conductance, which
is the real physical quantity that regulates a large part (roughly half on a
global scale, and more over forests) of the latent heat flux over land surfaces,
and is the quantity that is affected directly by changes in atmospheric CO2

concentrations.
By using the canopy conductance, transpiration can be modeled with a

bulk formula as occurring from a “big leaf” (e.g. Lambers et al. 2008) with
a temperature Tl:

ET = ρLv
gagc
ga + gc

(q∗(Tl)− qa), (2)

where ET is the enthalpy flux associated with transpiration, ρ is the density
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of air, Lv the latent heat of vaporization of water, ga = cD|v| is an aero-
dynamic conductance from the canopy to a reference height (assumed equal
to the product of a surface enthalpy exchange coefficient, cD, and a surface
windspeed |v|), q∗(Tl) is the saturation mixing ratio of water vapor at leaf
temperature (the interior pore spaces of healthy leaves are nearly saturated
even under dry conditions), and qa is the mixing ratio of water vapor at
the reference height. Technically, vapor pressure differences should be used
as a driver of diffusion when surface and air temperatures are significantly
different (e.g. Nobel 2009; Jones 1992), but the errors induced by using
mixing ratio instead of vapor pressure are generally quite small. The term
gagc/(ga+gc) reflects the fact that stomata and the canopy airspace are serial
conductors to water vapor. An analogous expression to equation 2 can be
used for the sensible heat flux (the stomatal conductance is irrelevant here,
since the whole surface of a leaf conducts heat to the atmosphere),

Fs = ρcpga(Tl − Ta), (3)

where cp is the specific heat capacity of air, and Ta is the air temperature
at a reference height. Since the heat capacity of the “big leaf” is very small,
the net radiative energy flux at its surface must equal the sum of the tur-
bulent enthalpy fluxes: Rn = ET + Fs. These three equations can be solved
simultaneously for the three unknowns: the two surface enthalpy fluxes and
the surface temperature. By assuming the leaf-air temperature difference is
small, the transpiration equation can be linearized in the leaf-air temper-
ature difference, and the system can be solved analytically; this gives the
well-known Penman-Monteith equation (e.g. Jones 1992).

The land-atmosphere fluxes of energy and water can be further elabo-
rated by disaggregating the “big leaf” into multiple canopy layers, by adding
similar formulae for enthalpy fluxes originating from the soil surface, by ac-
counting for the canopy area fraction that is covered by liquid water (from
recent precipitation or dew), and by relating the conductance to atmospheric
forcing variables and the state of the soil and vegetation. These effects are
incorporated into most land surface models currently used in climate pre-
diction, but we will not delve into them further. We will mainly note that
the expression for the transpiration in equation 2 differs from the bulk for-
mula for evaporation from a wet surface by the factor gc/(ga + gc) ≤ 1 (=1
only for a wet surface). If we are in a system where transpiration strongly
dominates the latent heat flux, then a crude model of the land surface fluxes
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may be obtained by multiplying the latent heat flux from a wet surface by
an evaporative fraction β,

β ≈ gc
ga + gc

(4)

E = ρLvβcD|v|(q∗(Ts)− qa), (5)

where E is the evaportanspiration, Ts is the surface temperature, and we
have replaced ga with cD|v|. In the real world, β would be a highly variable
quantity in space and time, depending notably on the photosynthetic rate
(which itself depends on many variables, such as light, temperature, soil
moisture, etc.), CO2 concentration, atmospheric humidity, and windspeed.
A more detailed treatment of the relation between β and gc also would include
the nonzero contributions of ES and EC ; this can be accomplished with a
resistor-network type approach (e.g. Shuttleworth and Wallace 1985), but
tends to become algebraically cumbersome. Here we will make the drastic
simplification of constant β within each model run; our goal is to examine
the response of an atmosphere in RCE to a modified lower boundary.

Since elevated CO2 generally acts to decrease gc and thus β, we can
crudely represent the effects of physiological forcing by surface drying. Since
model runs are cheap, and we seek to build understanding with a simple
model, we might as well look over the whole range of β to see what we can
learn. By running ensembles in which β varies between 1 (wet) and 0 (dry),
we can assess the impact of surface drying, or physiological forcing, on the
atmosphere.

We make several modifications from the basic assumptions of AE07. One
is that we generally do not include the radiative effects of clouds; radiative
transfer calculations are made for clear-sky conditions. We make this simpli-
fication both to avoid the possible confounding effects of multiple equilibria
due to different cloud regimes, and to reduce the number of interactive factors
that can explain our results. Another important modification is the inclusion
of a diurnal cycle of insolation; this requires, with it, a modification of the
default heat capacity of the land surface, which was set to 2.5×106 J m−2

K−1 in AE07, assuming a soil depth of 1 m. However, the effective depth
De to or from which the soil can conduct heat on a timescale τ is given
by De ∼ (κτ)1/2, where κ is the thermal diffusivity of the soil. Using κ ≈
4×10−7 m2 s−1 (consistent with the volumetric heat capacity of AE07 and a
thermal conductivity of 1 W m−1 K−1 (Ochsner et al. 2001) and τ ≈ 105 s,
gives De ≈ 0.2 m. We use this soil depth, or a heat capacity of 5×105 J m−2
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K−1. Technically, this still gives a much larger heat capacity than is realistic
for a canopy; however, it is small enough to allow a reasonable diurnal cycle
of surface temperature, but large enough (given our timestep) to allow the
surface temperature tendency to be stable.

Part of the motivation for use of a diurnal cycle arose when examining
convergence of numerical results from different initial conditions, when it
was found that model runs with constant insolation tended to converge to
identical solutions much more slowly (and sometimes not at all), compared
to model runs with diurnally varying insolation. The inclusion of a diurnal
cycle also tends to make the model results smoother as a function of β —
an effect we will discuss later. These factors suggest that the low amount of
variability in model runs with constant solar forcing and no cloud radiative
effects may be problematic for the purposes of analyzing model output. Thus,
the diurnal cycle is included more as a source of variability than as a source
of realism. However, as the study has advanced, we have increasingly worried
that the diurnal cycle may also be a source of unintended complexity, and
may interfere with understanding of the underlying mechanisms in the model.
For the purposes of expanding upon this work, it would likely be better to use
a different source of variability, such as stochastic noise in the solar forcing.

Typical model runs are integrated for ∼ 1000 days with a timestep of
2 to 5 minutes for convective routines, and 1 hour for radiative routines;
outputs represent time means from the last few hundred days of such runs.
The model is usually run with either 46 or 92 levels in the vertical, and
stratospheric water vapor is relaxed to the tropopause mixing ratio. We
look at results across a range of mean temperatures, by varying the solar
constant S0, between 1000 and 1100 W m−2, and using 21 March orbital
parameters (e.g. perpetual equinox). Results presented later are generally
composited over the five values of S0 = (1000, 1025, 1050, 1075, 1100) W
m−2, which can have surface air temperatures that vary quite a bit, between
roughly 290 and 315 K. We hope that composites over this broad range of
temperatures avoid idiosyncrasies of the model that may occur over specific
ranges of temperature or S0, but we realize that it is quite a broad range,
and future work might be better served by looking at a narrower range of S0

values. The wide range of S0 at least has the advantage that it allows us to
look at the climate sensitivity of the model. The surface albedo is considered
a constant, and is set to 0.1 for both land and ocean; albedo asymmetries
have a major impact on the model, and we do not discuss them in detail.
The mixing ratio of CO2 for radiative calculations is set to a constant 360
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ppmv. The mixed-layer ocean has a typical thickness of 5 m. A gustiness
factor of 5 m s−1 and cD = 0.0015 are used for surface fluxes; for simplicity,
surface fluxes do not depend on the circulation in multiple-column runs. In
multiple-column runs, the column width L is varied between 125 and 18000
km (though we mainly discuss differences between two-column runs with L =
500 and 2000 km for illustrative purposes), and the momentum boundary
layer has a pressure depth of 150 hPa.

3 Single-Column Theory

A starting point for understanding how the atmosphere in RCE changes in
response to variation in the surface moisture (β) is a simple theory of RCE for
a single column. We will assume a steady state in which the surface sensible
heat flux balances cooling of the dry adiabatic subcloud layer by radiation
and downdrafts, and the sum of the surface enthalpy fluxes balances the total
radiative cooling of the troposphere:

ρ0cpcD|v|(Ts − Tb) = ps−pb

g
cpQ̇b + ρbcpMd∆TD (6)

ρ0cD|v|(cp(Ts − Tb) + βLv(q
∗
s − qb)) = ps−pb

g
cpQ̇b + pb−pt

g
cpQ̇f (7)

The key variables in this system of equations are the surface temperature Ts,
the surface air temperature Tb, and the subcloud-layer specific humidity qb.
We make the closure assumptions that the pressure height of the subcloud
layer, pb, can be determined as the LCL, ρb is the density at the LCL, and
that the subcloud-layer moist static energy hb = cpTb + Lvqb is known, and
equal to the saturated moist static energy h∗ of the free atmosphere. Finally,
we assume that subsidence due to clear-sky radiative cooling in the free
troposphere balances the sum of convective updrafts and downdrafts, and
re-evaporation of precipitation drives downdrafts:

Mu −Md = wR =
Q̇f

S
(8)

Md = (1− εp)Mu = (1−εp)

εp

Q̇f

S
. (9)

Other parameters in the above equations are summarized in table 2. Equa-
tions 6–9, along with the closure assumptions, allow us to solve numerically
for Ts, Tb, and qb. We can look at a reference state where β = 1, and see how
the atmosphere changes as β is reduced. If we assume a constant value for
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Parameter Typical Value Units Description
hb/cp 350 K MSE of subcloud layer
ρ0 1.2 kg m−3 surface air density
cD 0.0015 - surface flux coefficient
|v| 5 m s−1 windspeed for surface fluxes
ps 1012.5 hPa surface pressure
pt 200.0 hPa tropopause pressure

Q̇b 1.5 K day−1 subcloud radiative cooling

Q̇f 1.5 K day−1 free trop. rad. cooling
S 0.004 K m−1 dry stability of free trop.
εp 0.85 - precipitation efficiency
∆TD 5 K downdraft temperature scale

Table 2: Typical parameter values used in numerical solution of equations 6–9

all the parameters in table 2, this solution corresponds to a RCE atmosphere
where only the subcloud layer depth can respond to changes in the surface
forcing; as the surface dries, the subcloud layer deepens, dries, and warms.
In the limit that β → 0, the dry adiabatic “subcloud layer” expands to fill
the entire troposphere.

This theoretical framework, while extremely simple, makes some qualita-
tively useful predictions (figure 2). For parameter values as listed in table 2,
∂Tb/∂β is relatively small near β = 1; ∂Tb/∂β ≈ 2.3 K and ∂Ts/∂β ≈ 3.2 K
at β = 1. Thus, temperatures only change modestly for fairly large reduction
in the surface evaporative fraction. At lower values of β, temperatures are
much more sensitive to the evaporative fraction (slopes are higher by a factor
of over 100 at β=0). Fundamentally, low sensitivity of temperatures to β in
the wet limit is due to the fact that surface air warming can only come from
deepening of the boundary layer, which in our theory requires an increase
in sensible heat flux and a decrease in latent heat flux. Sensible heat fluxes
can only increase as the surface-atmosphere thermal disequilibrium increases,
but due to the steep slope of q∗ as a function of T , this also implies a large
increase in the surface-atmosphere moisture disequilibrium. Thus, much of
the effect of decreasing β is compensated for by increases in q∗s − qb, and
changes of temperature with respect to β are small.

This theory also gives a useful diagnostic relationship between changes
in the sensible heat flux and changes in the surface air temperature from a
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Figure 2: Numerical solutions for surface temperature Ts and surface air temperature
Tb as a function of evaporative fraction β from equations 6–9 with parameters as listed in
table 2. Temperatures are relatively insensitive to β at high evaporative fraction, and are
much more sensitive at low evaporative fraction.

reference state. By equation 6, changes in sensible heat flux (δFs) can only be
balanced by changes in the depth of the subcloud layer (neglecting changes
in the downdraft cooling):

δFs ≈ −δpbcpQ̇b/g = δzbρbcpQ̇b, (10)

where we have switched to perturbations in the physical depth of the bound-
ary layer (δzb) instead of the pressure depth to simplify the subsequent equa-
tions. The assumption of constant hb with β then tells us that increases in
the depth of the subcloud layer must increase the surface air temperature:

δTb ≈ δzb(Γd − Γm), (11)

where Γd−Γm is the rate of change of potential temperature along a moist adi-
abat just above the top of the subcloud layer (on the order of, but somewhat
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greater than, the average dry stability S in table 2). Together, equations 10
and 11 imply that:

δTb ≈ δFs
Γd − Γm

ρbcpQ̇b

. (12)

Using Γd − Γm ≈ 0.006 K m−1, and other standard parameters, gives a
sensitivity of surface air temperature to sensible heat flux of δTb/δFs ≈ 0.29
K (W m−2)−1. There are some fairly bold assumptions here, such as the
constancy of the downdraft cooling and the radiative cooling rates, but we
will put those aside for future work.

We are still in somewhat early stages of assessing how well this simplistic
single-column theory of RCE applies to simulations with the full-physics RC
model we have used in most of the study. It is nontrivial to incorporate the
effects of a diurnal cycle into this steady theory, and not a subject that we
have yet approached in any detail at this point.

4 Single-Column Model

While we have tried to keep some of the model assumptions as general as
possible, the practical applicability of RCE is fairly confined to the tropics,
and the nonrotating reference frame used in the multi-column runs means
that we are further confined, roughly speaking, to a near-equatorial region.
Since the near-equatorial atmosphere (in reality as well as our model) cannot
only sustain weak temperature gradients (WTG) in the free troposphere, we
can assess the viability of single-column runs by looking at how large the
differences are in free tropospheric temperatures between a model run and a
reference state, where the surface is wet (β = 1), but all other assumptions
are held fixed. If large differences exist, then dynamics would come into play
in the real atmosphere (or a multi-column version of the model), and would
tend to maintain the temperature of the free troposphere on or near a moist
adiabatic reference profile.

In single-column runs, as β is lowered from 1 to 0, there is generally a
value of β where the free troposphere begins to cool; in the limit as β → 0,
atmospheric water vapor vanishes, and without the water vapor greenhouse
effect, the surface and atmosphere both tend to be much cooler than they
were with β = 1. However, for moderate reductions in β, the free atmosphere
temperature doesn’t change very much, suggesting that the single-column
framework as introduced in section 3 could be a useful tool for understanding
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the sensitivity of the atmosphere to small changes in the wetness of the
bottom boundary, near a wet reference state.

In general, changes in surface air temperature with respect to β in single-
column model runs represent an interplay between two competing factors.
As the evaporative fraction decreases, we expect increases in the depth of
the subcloud layer (or lapse rate) to warm the surface air, but also decreases
in the water vapor greenhouse effect to cool the surface air. These competing
effects are well summarized by figure 11 in Boucher et al. (2009), and can be
seen in figure 3. These results show that surface and surface air temperatures
increase slightly as β is reduced from a value of 1, then decrease dramatically
as the atmosphere dries out completely, and the water vapor greenhouse effect
vanishes.
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Figure 3: Composite of temperature differences from the wet-surface state (T (β) −
T (1)), for surface air temperature Tb, surface temperature Ts, and 500-hPa temperature
T500. Composite made from runs at 5 different values of solar insolation; wet-surface
temperatures range from ∼ 294 to 315 K. Error bars at each value of β represent standard
deviation of the 5 data points used for the composite; lines joining points included for
visual clarity
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However, it is not clear whether the slight warming of the surface air,
as β is reduced, is significant, and the diurnal cycle may alter the expected
warming mechanisms. As mentioned above, we have used a diurnal cycle in
these runs primarily to act as a source of variability, which aids with con-
vergence of numerical results from different initial conditions. The use of a
diurnal cycle, and composites, in figure 3 and others, is an attempt to try
to obtain curves for variables such as temperature that vary smoothly with
the evaporative fraction. Especially in runs with no diurnal cycle, there is
a tendency of model outputs to increase or decrease in abrupt jumps as β
is varied. After some investigation into the subject, and the notable finding
that this behavior tends to be suppressed as the model resolution increases,
we believe that this “jumpiness” is essentially due to a combination of (nec-
essary) model discretization and insufficient variability or degrees of freedom
in the system. For example, if the height of the boundary layer extends to
level i when β = 1, and drying of the surface will tend to increase the height
of the boundary layer as β is lowered to 0.9, but the increase is not enough
to make it to level i+1, then changes in the results may be smaller than they
should be, until a threshold is reached, when the boundary layer “jumps” up
by a level, and changes are much more rapid than they would be in a model
with finer resolution. More complex models (including the multi-column ver-
sion of this one) may avoid this issue by having more internal variability, and
thus, in the example, spending part of the time of the run with the boundary
layer at level i, and part of it at level i + 1. Such a model run then has the
property that the temporal average samples both states.

This is an issue that is still under investigation, for it may be the case
that, even with as many as 92 levels in the vertical, model results are “jumpy”
or have failed to converge to a continuous limit. A related but more severe
problem is that model “jumpiness” may translate into non-ergodic behavior,
and may contribute to the appearance of fictitious multiple equilibria, which
may differ by only 1 model level. In continuation of this work, we may
implement some sort of stochastic noise, either in the applied forcing or by
slightly perturbing model internal parameters, in order to attempt to improve
the ergodicity of the model. Hopefully this will also aid convergence of results
in the absence of a diurnal cycle in the solar forcing.

Aside from these computational problems about the utility of single-
column runs, there are also physical problems. Returning to figure 3, we
see that there is a value of β (near 0.5 here) where the free atmosphere tem-
perature (T500), deviates significantly from the reference state. This would
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violate a WTG assumption, and tells us that dynamics cannot be excluded at
lower values of β. Even at values of β larger than this, if the free-atmosphere
temperature profile is unperturbed from a reference state, but the boundary
layer warms and deepens slightly, a thermal low will form over land, forcing
boundary-layer convergence and ascent, and again bringing dynamics into
the picture.

Another reason that we have run the model with a range of insolation
values is that it allows for determination of the model’s “climate sensitivity”,

λ =
∂Tb

∂FTOA

, (13)

where FTOA is the outgoing longwave radiation at the top of the atmosphere.
For the single-column model, λ ≈ 0.68 K (W m−2)−1 for values of β greater
than 0, and λ ≈ 0.26 K (W m−2)−1 for β = 0, which resembles the dry-
atmosphere Planck response limit. Combined water vapor and lapse rate
feedbacks thus increase climate sensitivity by approximately 150% in the
1-column model. These figures are quoted without uncertainty estimates,
because it has not been the focus of this study to look at climate sensitivity,
but it is an important characteristic of an RC model.

5 Two-Column Theory

If we allow a mean circulation to exist in a multiple-column, pseudo-RCE
model, one question we can ask, is how much will the circulation modify the
mean state? Is there a subset of parameter space where the existence of an
ocean column, with β = 1, next to a land column with 0 ≤ β ≤ 1 serves
to enforce WTG, but the resultant circulation is weak enough that we can
neglect it thermodynamically, and simply use our single-column theory? In
order to determine this, we need a measure of just how weak the circulation
induced by a boundary-layer thermal low ought to be.

Following Nilsson and Emanuel (1999), section 3c, it can be shown that
a suitable vertical velocity scale wb for a weak (relative to the radiative-
subsidence velocity wR, equation 8) two-column circulation driven by thermal
contrasts is:

wb =
gτd
2

z2
b

L2

∆TA
T̄

, (14)

where τd is a damping timescale for flow in the boundary layer, zb is the
boundary layer height, L the column width, ∆TA the boundary layer tem-
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perature difference, and T̄ the boundary layer average temperature. This
expression can also be derived by using a horizontal momentum equation,
and assuming that the pressure gradient force associated with the thermal
low (δps/L ≈ ρg∆TA/T̄L) is balanced by Rayleigh damping of the inflow
(us/τd). Together with continuity (uszb/2 ≈ wbL), this gives the same result
as equation 14. Either way, whether the circulation is relevant to changes
in the temperature as β is decreased, depends on a nondimensional parame-
ter χ, which is the ratio of wb to the aerodynamic conductance, or effective
vertical velocity for surface fluxes, w0 = ga = cD|v|:

χ =
wb
cD|v|

(15)

In the limit that χ � 1, we expect a very weak circulation that does not
strongly modify the character of a single-column RCE solution. In the limit
that χ � 1, advection may dominate surface fluxes, and the RCE solution
cannot be correct. Both are possible in our simulations, though in a two-
column framework, the vertical velocity can also be limited by the radiative
cooling subsidence limit, wR (see equation 8).

We ought to be able to construct a 2-column version of the single-column
RCE theory derived above, though we expect multiple solution regimes. In
the limit that the circulation is weak relative to radiative cooling subsidence,
deep convection exists in both columns, and so the moist static energies
in the subcloud layers of the two columns are equal, and equal to a fixed
reference value. These two equations constraining the subcloud moist static
energies, together with two equations for the subcloud-layer sensible heat
balance (including advection), and two energy balance equations for each
column, give 6 equations in 6 unknowns (Ts, Tb, qb in land and ocean columns).

The other regime has deep convection only in the land box, and the moist
static energy of the ocean box decouples from that of the free atmosphere and
the land subcloud layer. This means that we lose one equation; however, we
gain the constraint that the mean subsidence in the free atmosphere of the
ocean box is equal to the limit imposed by radiative cooling. Experiments
suggest that it is possible in this regime to sustain substantial conditional
instability in the ocean column, with high entropy air in the ocean subcloud
layer capped by a strong inversion, which exists because of the deep dry
adiabatic boundary layer over land and the requirement of WTG in the free
atmosphere.

While we have conceptualized the equations for both of these regimes, we

18



have not yet set up the code to numerically solve them (so it is probably not
useful to present the equations here). Setting up and testing this code would
give us a simple two-column theoretical model, and would be a further major
step towards understanding the results of multiple-column model runs.

We can also attempt to derive a similar diagnostic relation to equation
12 for a two-column model. We will take the difference of the subcloud-layer
sensible heat balance equations (as in equation 6), subtracting the ocean
equation from the land equation:

Fs,L−O = pb,L−OcpQ̇b/g +Md,L−Oρbcp∆TD + ρbcpwbTb,L−O, (16)

where the notation x,L−O indicates a difference between land and ocean values
for a variable x, and we have included the advective cooling of the land
subcloud layer. Using the same logic as in equations 10–11, we can replace
pb,L−O

g
with ∆TAρb

Γd−Γm
. In order to look at differences in the downdraft mass flux

ρbMd,L−O, equation 8 must be modified to account for the existence of mean
vertical motion in each column:

Mu −Md = wR + γ−1wb, (17)

where we have assumed that the free-atmosphere vertical velocity (wF ) is
related to the vertical velocity at the top of the subcloud layer (wb) by
γwF = wb. Mean ascent in a column implies more convective updrafts,
more downdrafts, and thus gives rise to enhanced cooling of the subcloud
layer in that column. Taken together with equation 9, and assuming that wR
is identical in the two columns, equation 17 implies that Md,L−O = 2wb

1−εp
γεp

.

Since wb can be expressed in terms of the land-ocean air temperature con-
trast ∆TA (equation 14), we can now express the sensible heat flux difference
(Fs,L−O ≡ ∆Fs) in equation 16 as a function of the temperature contrast:

∆Fs = ∆TA
ρbcpQ̇b

Γd − Γm

[
1 +

L2
c

L2

(
2(1− εp)
γεp

∆TD
T̄

+
∆TA
T̄

)]
, (18)

where we have defined a length scale:

L2
c ≡ z2

b

Γd − Γm

Q̇b

gτd
2
. (19)

Equation 18 says that in the limit that L � Lc, changes in downdraft and
advective cooling are unimportant, and we recover the single-column limit of
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equation 12. In the opposite limit, where L� Lc, downdrafts and advection
are very effective at cooling the subcloud layer over land, and ∆TA is required
to be fairly small, even if ∆Fs is fairly large. For our simulations, we expect
Lc ≈ 6000 km, using equation 19. Since this is larger than most column
widths used, we expect land-ocean contrasts to be fairly small.

Equation 18 can be readily manipulated to solve for ∆TA as a function
of ∆Fs, but results are not very enlightening. Also, there is a significant
oversight in this derivation, which is that wF should not be allowed to exceed
wR; if it does, then we need to set wF = wR and re-solve equation 16.
Along with uncertainty regarding the validity of the assumed constancy of
parameters, the conditional nature of solutions to equation 18 limits the
practical utility of this derivation.

6 Two-Column Model

In two-column runs, where one column covers land, the column width L be-
comes an important parameter to the model solutions, and since the model
can now support mean and time-varying circulations, solutions can be quite
complex. Figure 4 shows a composite of the average temperature deviations
from the wet-surface value for the surface, surface atmosphere, and free at-
mosphere, for L = 500km. There are a number of similar properties to the
single-column case (figure 3). In particular, there is a competition between
overall warming as β is reduced slightly from 1 (though it may not be sig-
nificant in the composite), and strong cooling as β goes to zero. The cooling
in this case is a little more complex than in the single-column runs, as it is
related to a cooling-subsidence drying feedback over the ocean column at mid
levels, which can only occur when there is a mean overturning circulation.

The precipitation over land is a non-monotonic function of β, also result-
ing from competing tendencies: increased ascent over land as β is reduced
tends to increase land precipitation, while reduced total latent heat flux as
β is reduced tends to decrease land precipitation (figure 5). In these runs,
it can be seen that for all values of β, the land precipitation is greater than
the ocean precipitation, and there is mean ascent over land, even when the
evaporative fractions are equal. This is likely related to a nonlinearity in the
diurnal cycle, rather than a positive feedback between the circulation and
radiative cooling that can cause spontaneous symmetry breaking even in a
model with 2 identical columns (Nilsson and Emanuel, 1999), since the mean
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Figure 4: Composite of temperature differences from the wet-surface state, as in figure
3, but for a 2-column run, with column width L = 500 km. Composite made from runs
at 5 different values of solar insolation; wet-surface temperatures range from ∼ 290 to 305
K. Error bars at each value of β represent standard deviation of the 5 data points used
for the composite.

circulation is weak when there is no diurnal cycle. It is not completely clear
why the diurnal cycle should tend to bias the lower heat-capacity column
towards mean ascent rather than mean subsidence, and occasionally, there
can be weak mean subsidence in the land column when the evaporative frac-
tion of the land is 1. It is worth noting that, as in our model, Pland > Pocean

throughout much of the real tropics. This asymmetry is likely quite com-
plex in the real world, and is probably related to (at least) a combination of
differences in albedo, ocean heat transport, elevation, and surface enthalpy
flux partitioning, in addition to the effects of differences in the surface heat
capacity. So we may be obtaining the right answer (Pland > Pocean) for the
wrong reasons. The subject of understanding the rectification of the diur-
nal cycle into a time mean circulation of a definite sense is interesting, and
deserves more investigation.
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Figure 5: Composite of precipitation (colored dots) and vertical velocity (black x’s) at
500 hPa for a 2-column run, with column width of 500 km. Composite made from runs
at 5 different values of solar insolation; wet-surface temperatures range from ∼ 290 to 305
K. Error bars at each value of β represent standard deviation of the 5 data points used
for the composite. Note that the error bars for the land precipitation are large because
mean total precipitation varies quite a bit with varying insolation.

In multiple-column runs, by far the clearest warming signals as β is
reduced from 1 to 0 are in land-ocean contrasts, both in surface air tem-
perature (∆TA = Tb, land − Tb, ocean) and surface temperature (∆TS =
Ts, land − Ts, ocean) (figure 6). As the evaporative fraction is reduced, the
mechanism we invoked for warming in single column RCE acts strongly, but
in a relative sense — as the latent heat flux over land is reduced and the sen-
sible heat flux increases, the boundary layer over land deepens and warms rel-
ative to the boundary layer over the ocean. Furthermore, the surface warms
more than the subcloud layer, consistent with the notion that increasing sen-
sible heat fluxes are driving the deepening of the subcloud layer over land.
We suspect that the land-ocean contrast should be related to the theoretical
warming in figure 3 when several conditions hold — advection must be weak
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in a nondimensional sense (equation 15 or some variant), both boxes must be
convective (γ−1wb < wR), and the free atmosphere moist static energy must
be relatively constant as a function of β. The insignificance of advection can
never hold in the limit that β → 0, as moisture advection becomes the only
water source for the land column. In these results, with a column width of
500 km, even when the land is completely wet, w ∼ ω500∂z/∂p ≈ 0.002 m
s−1, so χ ≈ 0.3, and advection cannot be neglected.
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Figure 6: Composite of temperature differences between land and ocean, both surface
air (∆TA), and surface (∆TS), in 2-column model with L =500 km. Composite made
from runs at 5 different values of solar insolation; error bars at each value of β represent
standard deviation of the 5 data points used for the composite.

The importance of L can be seen by comparing the above results (L=500
km) to results with a larger column width, L=2000 km. Cooling in the free
troposphere is somewhat smaller in magnitude, and mean warming of the
surface is more obvious, as β is reduced (figure 7 as compared to figure 4).
This is likely a consequence of a weaker mean circulation as the column width
is increased, which manifests in average plots of precipitation and circulation
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(figure 8 as compared to figure 5). The mean circulation is much weaker with
L =2000 km than with L =500 km, so convection and precipitation persist
over the ocean to a much lower value of β than in the runs with narrower
columns. Thus, there is not a clear increase in precipitation over land in
figure 8 as β is decreased, as there was in figure 5. We can also see that the
contrasts ∆TS and ∆TA are somewhat larger with wider columns than they
were with narrow columns (figure 9 as compared to figure 6).
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Figure 7: Composite of temperature differences from the wet-surface state, as in figure 4,
but with L =2000 km. Composite made from runs at 5 different values of solar insolation;
wet-surface air temperatures range from ∼ 294 to 316 K. Error bars at each value of β
represent standard deviation of the 5 data points used for the composite.

These features of the solution with L =2000 km as compared to L =500
km — less change in free atmospheric temperature with β, a weaker circula-
tion, and more convection in the ocean box — combine to suggest that the
1-column theory might be a somewhat useful tool to apply to understand
how the land-ocean contrast varies as a function of β. We can test this hy-
pothesis by looking at the derivatives of ∆TA and ∆TS with respect to β in
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Figure 8: Composite of precipitation (colored dots) and vertical velocity (black x’s) at
500 hPa for a 2-column run, as in figure 5, but with L =2000 km. Note again that the
error bars for the land precipitation are large because mean total precipitation at varies
quite a bit with varying insolation. Other information as in figure 7.

the model as compared to the theory. This comparison is shown in figure 10;
a the theoretical results quite close to the 2-column model results for β >
0.6. At lower values of β, the slopes in the 2-column model are generally
somewhat smaller than predicted by the single-column theory. This is likely
related to the tendency of the land column to maintain a moister subcloud
layer at low β in the model than the theory would predict. This is probably
related both to moisture advection from the ocean column, and to changes
in the precipitation efficiency εp in the land column as the surface and lower
atmosphere dry out. Reduced precipitation efficiency leads to more sensi-
ble cooling of the boundary layer by downdrafts, and thus a cooler, moister
subcloud layer, if the moist static energy is held constant.

Since the simple single-column theory comes close to getting the same an-
swers as the 2-column model at high β, it is tempting to think that a 2-column
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Figure 9: Composite of temperature differences between land and ocean, both surface
air (∆TA), and surface (∆TS), in 2-column model, as in figure 6, but with L =2000 km.

theory might be able to roughly reproduce the results of the full-physics 2-
column model over a much broader range of parameter space. Further work
will focus on development of this 2-column theory, more rigorous evaluation
of the assumed constancy of the parameters used in the theory, and assess-
ment of whether the diurnal cycle introduces significant qualitative changes
to our understanding of the underlying mechanisms for warming. Though we
have put together some additional pieces in a model hierarchy, we are still
left with a quantitative gap in our understanding of surface air warming in
response to reduced β.

As mentioned above, when the land surface becomes very dry, and the
boundary layer over land becomes deep, a capping inversion typically de-
velops over the ocean, which suppresses deep convection, and decouples the
properties of the ocean subcloud layer from those of the free atmosphere. This
occurs at moderate β for narrow columns, and at low β for wider columns,
because the strength of the mean circulation determines the extent to which
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Figure 10: Comparison of derivatives of the land-ocean contrast with respect to β, for
the 2-column model with L =2000 km, and the simple 1-column theory. Slopes are shown
for both surface air (∆TA), and surface (∆TS) temperature contrasts.

convection is suppressed over the ocean. In most of these runs with a cap
over the ocean, the subcloud layer entropy in the ocean column exceeds that
of the free atmosphere, so the atmospheric profile over the ocean is condi-
tionally unstable, with CAPE on the order of hundreds to thousands of J
kg−1, depending on the insolation, column width, and value of β over land.
If WTG is required in the free atmosphere, the juxtaposition of dry land and
ocean can be a good recipe for a conditionally unstable ocean sounding.

A final aspect of the 2-column model results that merits discussion is the
variation in both overall temperature and λ with variation in the column
width. The mean surface air temperature for all 2-column model runs with
L =500 km is 297.5 K, while the mean surface air temperature for runs with
L =2000 km is 304.6 K. Much of this difference is due to a difference in
the effective forcing that is seen at each column width (averages of 284.2
W m−2 and 293.5 W m−2, respectively), which is related to fairly significant
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nonconservation of energy by the numerics of the advection scheme. Stronger
circulations with narrower columns lead to significantly more energy loss in
the dynamics, and thus cooler temperatures overall. Using only data for
model runs which have mean temperatures between 293 and 307 K, gives λ ≈
0.55 K (W m−2)−1 for L =500 km, and λ ≈ 0.66 K (W m−2)−1 for L =2000
km; determining whether these are significantly different from each other
and/or from the single-column model sensitivity is an interesting subject
and is worth further investigation. It makes some sense that runs with a
narrower column width, which develop stronger circulations, might have a
lower climate sensitivity than runs with wider columns where, as a strong
circulation can maintain a drier atmosphere in its descending branch which
radiates very efficiently to space.

7 Multiple-Column Results

Strong land-ocean temperature contrasts generally exist in model runs with
multiple columns, and we have found a diagnostic scaling relationship that
explains a great deal of the variance in ∆TA across model runs with a broad
range of assumptions (figure 11). These assumptions include different num-
bers of columns (2–8), different numbers of model levels in the vertical, re-
moval of the diurnal cycle, use of periodic boundary conditions instead of
rigid ones (along with L → L/2), use of homogenized or fixed water vapor
in radiation calculations, use of 4 land columns and 4 ocean columns in one
of the 8-column runs, and some other parametric sensitivity experiments. In
particular, the land-ocean air temperature contrast seems to (empirically)
scale as:

∆TA ∼ ∆FsL
1/2, (20)

where ∆Fs is the difference between the land and ocean sensible heat fluxes.
This, of course, is part of the model solution, rather than an input param-
eter, and thus the diagnostic relation is not extremely useful for predictive
purposes. However, the fact that it explains between 80 and 90 % of the
variance in the model output for ∆TA is quite striking. The diagnostic re-
lation suggests that the mechanism of boundary layer deepening over land,
and warming of the land relative to the ocean, in response to decreasing
β and increasing sensible heat flux, is quite robust to a range of different
assumptions.
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Figure 11: Diagnostic relationship between the land-ocean contrast ∆TA and the differ-
ence between land and ocean sensible heat fluxes times the square root of the land width,
∆FsL

1/2. Blue points denote 2-column results (N=2125); green denote 4-column results
(N=660), and red denote 8-column results (N=660). One outlier point is not shown, which
has ∆TA > 25 K.

The dependence on the sensible heat flux difference between the land and
ocean, rather than simply the sensible heat flux over land, is intended to
remove the part of the sensible heat flux over land that balances radiative
and convective cooling of the subcloud layer for a wet surface, as in equations
16–18. The linear dependence of ∆TA on the sensible heat flux difference
makes sense in the same context of the derivation of the 2-column diagnostic
equations, if the advective cooling is small. However, it is not clear from
equations 16–18, or other reasoning, why the contrast should apparently
scale with the square root of the column width. Attempts to fit the data in
figure 11 with width-dependencies as in equation 18 yield poorer fits than
the empirical L1/2. It is possible that the form L1/2 emulates the variation
of some parameter in equation 18 in a way that was unaccounted for by
the theory. It is also very possible that some of the theory assumptions
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break down when the boundaries of parameter space are pushed hard enough.
The assumption of negligible differences in free-troposphere temperature may
be an example — some runs with very wide columns maintain substantial
differences in upper-troposphere temperature between the land and ocean at
low β. Continued work on clarifying the theory of a 2-column system, and
on assessing the validity of parametric constancy, may shed light on why this
diagnostic relation works as it does.

8 Discussion and Future Work

We have examined the response of radiative-convective equilibrium atmo-
spheres to a varying surface evaporative fraction, in hopes of being able to
relate our results to the effects of physiological forcing over land. Our results
suggest that, at least in a RCE framework, the amount of warming over land
relative to the ocean may be related diagnostically to changes in sensible
heat flux and the horizontal extent of the land area. More mechanistically,
and consistently with simple theory, warming over land due to physiological
forcing is attributed to a greater sensible heat flux supporting a deeper sub-
cloud layer with a steeper lapse rate down from a level where atmospheric
temperatures over land and ocean are equal. This is related to the mecha-
nism of Joshi et al. (2008), who propose differences in lapse rates over land
and ocean as a reason for differential warming of the land and ocean surfaces
in equilibrium simulations of climate change. We also find that average sur-
face and surface air temperatures in the model do not increase very much
as β is reduced, and that free-atmospheric temperatures tend to cool quite
a bit at lower β, even in multiple-column runs. These results suggest that
the potential for land surface drying to lead to changes in the water vapor
greenhouse effect merits more investigation.

How does the magnitude of warming predicted by our relatively simple
models compare to the magnitude of surface air warming in GCMs? The
simplest approach is to look at the single-column response to a known in-
crease in sensible heat flux (equation 12). If the difference in moist and dry
adiabatic lapse rates at the top of the subcloud layer is Γd − Γm ≈ 0.005
K m−1 globally, the radiative cooling rate in the subcloud layer is ≈ 1.5 K
day−1, and an increase in sensible heat flux is assumed to be balanced com-
pletely by an increase in thickness and thus total radiative cooling rate of
the subcloud layer (as in equation 12), then the increased sensible heat flux
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of 1.91 W m−2 in Boucher et al (2009) would translate to a subcloud layer
warming of 0.46 K. This compares favorably to their modeled surface air
warming of 0.52 K. Using identical parameters and looking at the results of
Cao et al. (2010) (increase in sensible heat flux over land of 2.11 W m−2), the
single-column theory obtains a land surface warming of 0.50 K, as compared
to a simulated warming of 0.42 K. Cao et al. (2009) simulate a much smaller
increase in sensible heat flux over land due to physiological forcing, of only
0.154 W m−2, which gives a single-column warming estimate of 0.037 K, and
is smaller than the modeled “land surface temperature” increase of 0.122 K
(it is unclear whether this is a surface or surface air temperature, but that
likely makes a difference of less than 0.05 K). Other studies in table 1 unfor-
tunately do not report changes in Fs over land or the globe. The similarity
of the extremely simple theoretical single-column scaling and global model
results suggests that GCM studies that look at warming due to physiologi-
cal forcing should focus on the direct relation between increases in sensible
heat flux and warming due to boundary layer deepening, instead of the more
nebulous “warming due to reduced latent heat flux.”

Another approach to comparing our results with those of GCM studies
is to look at simulated reductions in sensible heat fluxes and map them to
a temperature change using the multi-column diagnostic scaling relationship
(equation 20) that also depends on column width. For example, if we as-
sume an average distance from land grid cells to the ocean of 1000 km, the
sensible heat flux change of Boucher et al. (2009) would give a warming of
land relative to ocean of ≈ 0.13 K. This is somewhat smaller than their 0.38
K simulated change in the land-ocean contrast due to the inclusion of phys-
iological forcing. Similarly, results of Cao et al. (2010) would translate via
equation 20 to a land-ocean warming contrast of ≈ 0.15 K — smaller than
the 0.28 K additional warming contrast due to physiological forcing simu-
lated by their model. Thus, it seems that either the single-column relation
between warming and changes in sensible heat flux is more appropriate, or
there are more complicated issues at work.

However, the above comparisons are fundamentally diagnostic relation-
ships, which may be useful, but rely on knowing how sensible heat fluxes
change; we would really like to have a better understanding of how temper-
atures should change for a given change in β (or ideally gc). In order to
address this question from a standpoint of model parameters, we need to
map changes in stomatal or canopy conductance to changes in β. In the
easiest case, where ga � gc, and the latent heat flux is completely domi-
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nated by transpiration, β ≈ gc/ga (equation 4), and changes in β scale as
changes in gc. GCMs (e.g. Sellers et al. 1996; Cox et al. 1999; Boucher
et al. 2009) simulate reductions in gc of up to 20–40% over large areas; if
this is mapped to a reduction in β of 30%, then we would predict warming
over land in excess of that over the ocean on the order of 1 K for a large
continent (e.g. figure 9). This mapping is somewhat of a high-end estimate,
because it assumes that base-state E is completely dominated by ET , and
that none of the reduction in ET is compensated by increases in ES or EC .
The assumption that ES does not increase would only be appropriate if the
canopy cover is extremely dense, so that the soil receives little radiation, and
the soil-canopy eddy diffusivity is very small. The assumption that EC does
not increase depends on changes in the temporal distribution of precipitation
and the properties of the subcloud layer.

A major feature of land-atmosphere interactions that we have completely
brushed under the rug is the interaction between evaporative fraction and
soil moisture. This was addressed by AE2007, who found oscillations in soil
moisture in a two-column land-atmosphere-ocean system, for a model setup
designed to simulate the subtropics. The model behavior at fixed evaporative
fraction in our study hints at why this oscillation occurs: precipitation minus
evapotranspiration (P − E) generally increases over land as the evaporative
fraction decreases, providing a positive restoring tendency to a negative soil
moisture (and evaporative fraction) anomaly. In most of our 2-column runs,
diurnal asymmetry between the land and ocean leads to a positive value of
P − E over land even when the land column has a wet surface. This differs
from the work of AE2007, who find that P − E is negative over land when
the soil is completely wet, and thus obtain a negative restoring tendency to
a positive soil moisture (and evaporative fraction) anomaly, allowing for an
oscillation. There are at least two reasons for this difference — AE2007 does
not have a diurnal cycle, and uses a land albedo that is greater than the ocean
albedo. The albedo difference, especially, should give rise to more convection
over the ocean than over the land when the land surface is wet. Returning to
the fact that P −E > 0 over land in our runs, it becomes important to note
that a vegetated surface with saturated soil will still likely evapotranspire
at somewhat less than the rate of an ocean surface; this depends largely on
the properties of the vegetation, which we can represent by a vegetation-
dependent value of βmax. These points taken together — that P − E over
land tends to be positive for all β, and that the value of βmax is likely less
than 1, imply that runs with interactive soil moisture and a representation
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of vegetation control over E would tend to converge to a saturated soil, but
with β = βmax. Thus, our results have implicitly assumed a moist climate,
where vegetation behavior is not limited by a lack of soil moisture. We plan
to test this soon by performing runs with interactive soil moisture and by
limiting maximum evaporation over land with a parameter βmax < 1.

We have also brushed under the rug a major difference between land and
ocean surfaces, which is in surface roughness. This would be represented by
a difference in the surface enthalpy exchange coefficient cD, between land and
ocean. We did some early simulations where cD was varied from its default
value over ocean of 0.0015, and it is straightforward to vary this parameter in
a single-column framework, but as it also enters into the surface stress in the
dynamics of multiple-column model runs, modification of the parameter in
multiple-column runs is less straightforward, and deserves more investigation.
Single-column runs suggested that it is the product βcD|v|, that matters most
to the properties of a solution, but this may be a bit too simplistic. Over real
land surfaces, there also is the complication that the nonzero displacement
height d may give rise to a significant difference between the locations of the
momentum sink and enthalpy source, and may allow for the formation of a
subcanopy airspace with somewhat different properties than the air above
the canopy. Our current model completely neglects these effects.

There are also issues of boundary layer dynamics; the boundary layer in
the RC model is simply dry adiabatic, and is thus quite primitive. Future
work could focus on implementing more sophisticated parameterizations of
boundary-layer behavior, as it is clear that our warming mechanism depends
strongly on the properties of the boundary layer, and how they change with
variations in β. It may also be productive to model the warming due to
physiological forcing, especially in extratropical regions, with a boundary-
layer only model, and this possibility also deserves more investigation.

A final extreme simplification has been the neglect of the radiative effects
of clouds. The reasons for our use of clear-sky radiation only have been
both simplification, and avoidance of spurious multiple equilibria related to,
for example, cloud-circulation feedbacks. The latter is a concern especially
in runs with two columns, because the low number of degrees of freedom
of the simulation can easily lead to artificial multiple equilibria that would
disappear with the addition of more complexity. However, it is quite possible
that the addition of cloud radiative effects could modify some of our results.
Some single-column model simulations with clouds suggested that there is
more surface warming, and less free-atmosphere cooling, as the surface is
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dried, when clouds are included. This makes sense as a result of the fact
that clouds are a strong greenhouse agent, and increasingly important to
the longwave energy budget in the dry atmospheres that are produced at
lower values of β. If we can gain a better understanding of the cloud-free
model simulations, then the inclusion of clouds would be a logical next step
in forming a model hierarchy. The model also does not at the current time
have a parameterization of clouds resulting from boundary-layer turbulence,
and changes in boundary-layer clouds and shortwave radiation have been
an important feedback in some of the recent GCM studies, so it would be
useful to attempt to test the mechanisms underlying this feedback in a simple
model.

Another avenue of future work involves looking at the diurnal temper-
ature range (DTR) in more detail. In particular, reducing β increases the
DTR in the model, and it would be expected that in the real world, phys-
iological forcing might also increase the DTR. This stands in opposition to
the warming due to radiative forcing of CO2, which is expected to decrease
the DTR. In fact, most warming mechanisms reduce the DTR, including
(counterintuitively, and probably deserving its own paper!) increases in the
solar constant (Stenchikov and Robock, 1995). This might make increases
in the DTR a good “fingerprint” for warming due to physiological forcing
in observations of climate change. Our results also suggest other candidate
“fingerprints” of physiological forcing, such as increases in precipitation and
mean vertical velocity over small tropical landmasses, or increases in CAPE
over the ocean. Such candidates could be examined in more detail, to see if
there are significant changes in the observed records, and if they are expected
from other mechanisms of warming as well as physiological forcing.

Future work could also address some of the following questions, which do
not have much representation in the literature on climate change. Does the
consideration of physiological forcing have any effect on our estimation of
climate sensitivity, as constrained by the record of historical climate change?
How does physiological forcing of the climate system limit our ability to
use geoengineering to counter climate change? Can the effects of large-scale
anthropogenic disturbance of the land surface on the climate system be un-
derstood by using some of the same tools that I am developing to understand
the climate impacts of physiological forcing? The subject, at this point, is
rich in questions and poor in definitive answers, and thus good ground for
more work.
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